Over the past decade, a number of speleothem studies have used radiocarbon ( 14 C) to address a range of palaeoclimate problems. These have included the use of the bomb pulse 14 C to anchor chronologies over the last 60 years, the combination of U-Th and 14 C measurements to improve the radiocarbon agecalibration curve, and linking atmospheric 14 C variations with climate change. An issue with a number of these studies is how to constrain, or interpret, variations in the amount of radioactively dead carbon (i.e. the dead carbon fraction, or DCF) that reduces radiocarbon concentrations in speleothems. In this study, we use 14 C, stable-isotopes, and trace-elements in a U-Th dated speleothem from Flores, Indonesia, to examine DCF variations and their relationship with above-cave climate over the late Holocene and modern era. A strong association between the DCF and hydrologically-controlled proxy data suggests that more dead carbon was being delivered to the speleothem during periods of higher cave recharge (i.e. C measurements through the bomb pulse to disentangle the dominant components governing DCF variability in the speleothem. We find that the DCF is primarily controlled by limestone dissolution associated with changes in open-versus closed-system conditions, rather than kinetic fractionation and/or variations in the age spectrum of soil organic matter above the cave. Therefore, we infer that periods of higher rainfall resulted in a higher DCF because the system was in a more closed state, which inhibited carbon isotope exchange between the karst water dissolved inorganic carbon and soil-gas CO 2 , and ultimately led to a greater contribution of dead carbon from the bedrock.
Introduction and background
Cave carbonates, or speleothems, are rapidly becoming one of the most important and versatile palaeoclimate archives available to Quaternary researchers (e.g., Wang et al., 2008; Drysdale et al., 2009; Dorale et al., 2010; Hoffmann et al., 2010) . Consequently, a highly productive and growing speleothem community has emerged, which in the last five years has resulted in a proliferation of new techniques and applications (e.g. Kluge et al., 2008; Blyth et al., 2011) , substantial refinements to existing technologies (Vonhof et al., 2006; Woodhead et al., 2006; Dublyansky and Spötl, 2009) , and a renewed interest in geochemical and physical modelling of speleothem-forming processes (Scholz et al., 2009; Wackerbarth et al., 2010; Dreybrodt and Scholz, 2011; Fohlmeister et al., 2011b) .
Some of the earliest speleothem research employed 14 C as a dating tool (Broecker et al., 1960; Hendy and Wilson, 1968) , but up until recently it has played a very minor role in speleothem research because of the 'dead carbon' problem. This problem stems from the inclusion of bedrock-derived, 'radioactively dead' carbon into the total dissolved inorganic carbon (DIC) pool that is subsequently encoded into a growing speleothem. The result is an 'apparent' radiocarbon age for the speleothem that may differ significantly from the true radiocarbon age and thus cannot be converted to an age in 'cal yr BP' using the atmospheric 14 C calibration curve. The key concern is that the proportion of radioactively dead carbon at the time of deposition (expressed as the % dead carbon fraction, or DCF) varies from cave to cave (Genty et al., 2001; Oster et al., 2010; Hodge et al., 2011) according to site conditions (e.g. climate, overlying vegetation, karst architecture). Moreover, DCF may fluctuate according to local changes in soilwater-rock interaction Genty et al., 2001 ) and variations in the age spectrum of soil organic matter (SOM) above the cave (Oster et al., 2010; Fohlmeister et al., 2011a) , both of which are controlled by climate. A major control on DCF is the extent to which the deposition of a speleothem approximates open-or closed-system conditions. Under the closed-system end member, the DIC of the percolation water is isolated from the soil-gas pCO 2 (CO 2,g ) reservoir. As a consequence, the 14 C activity of the DIC reaching the speleothem contains a ca. 50:50 ratio of dead carbon to wmodern carbon if saturation is reached between the bedrock and the solution. This is because each mole of soil CO 2 (in bulk reservoir terms, at or close to equilibrium with the 14 C activity of the atmosphere) that is used in the dissolution of the bedrock (no measurable 14 C) creates 1 mol of radioactively dead HCO 3 À. By contrast, under open-system conditions there is the possibility of 14 CO 2 exchange between the percolation water DIC and the CO 2,g reservoir, resulting in an increase in the 14 C activity of the DIC as the time of exchange increases (Hendy, 1971 ). Notwithstanding the above complications with the DCF, a number of recent studies have used radiocarbon measurements in speleothems to explore a range of palaeoclimate problems. Beck et al. (2001) , and more recently Hoffmann et al. (2010) , attempted to extend the radiocarbon calibration curve using highresolution 14 C measurements from U-Th dated stalagmites from the Bahamas. The authors noted large, short-term variations in DCF that were superimposed on a constant offset to the IntCal04 radiocarbon calibration curve for the period of overlap (w11e15 thousand years before present). A similar study, conducted by Southon et al. (2012) from Hulu Cave, China, also highlighted a constant offset to the more recent IntCal09 curve (Reimer et al., 2009 ) and, in particular, observed a relatively stable DCF through known perturbations in regional hydrology, such as the Younger Dryas. On this basis, the authors were able to extend the calibration curve by assuming a stable DCF signal. Other studies have shown that quite large and abrupt shifts in DCF can occur in response to variations in regional climate variability and soil processes above the cave. For example, using a number of speleothems from Europe, Genty et al. (2001) demonstrated that those sites with annual temperature amplitudes greater than w7 C exhibited a DCF decrease when temperature increased; they inferred the temperature shifts to reflect changes in SOM turnover rate. In addition, they highlighted a significant positive correlation between d 13 C and DCF, which was interpreted to be a direct consequence of limestone dissolution associated with open-versus closed-system conditions. Conversely, Oster et al. (2010) noted an anti-correlation between DCF and d 13 C in a stalagmite from California, which they interpreted to indicate that higher DCF values occurred during wetter periods (and vice versa) during the deglaciation to early Holocene. The authors attributed this link, between wet conditions and a high DCF, to an increased average age of the SOM during wetter intervals. A study by Fohlmeister et al. (2010) on the radiogenic and stable C isotope systematics of modern cave drip waters from Grotta Di Ernesto, Italy, revealed a pronounced annual cycle in 14 C of the drip water DIC in response to seasonal fluctuations in karst hydrology. As a follow-up study, Fohlmeister et al.
(2011b) used a soil-karst model to explore the C isotope activity of these drip waters in greater detail. They found that major changes in the C isotope composition of the drip water occurred in response to variations in open-versus closed-system conditions along with changes in the partial pressure of CO 2,g . In this paper, we investigate the DCF content of a tropical speleothem during a brief interval of the Holocene [w2.4 to w2.8 thousand years before the present (ka), where "present" is defined as 1950 A.D.], marked by a prominent excursion in atmospheric radiocarbon content Reimer et al., 2004) Griffiths et al., 2009 Griffiths et al., , 2010a to determine the forcing mechanisms. In addition, we analysed 14 C through the bomb pulse to provide input parameters to a soil-karst model Fohlmeister et al., 2011a) , which was used to explore the initial 14 C activity (a 14 C) in greater detail between the soil-water DIC above Liang Luar and the speleothem within the cave. Coupling the stalagmite 14 C measurements with the soil-karst C model allowed us to explore the degree to which each of the known C sources influenced the DCF in our speleothem. We find that the DCF variability is predominantly controlled by limestone dissolution associated with open-versus closed-system conditions, rather than kinetic fractionation and/or variations in the age spectrum of SOM. In addition, we note that over the 2.4e2.8 ka period, higher DCF values occurred during periods of higher cave
13 C, and Mg/Ca values) and vice versa. We suggest that wetter (drier) periods were characterised by more closed-system (open-system) conditions in the overlying aquifer, which inhibited (promoted) gas exchange between the DIC of the karst water and soil-gas CO 2 . This resulted in the incorporation of more (less) bedrock-derived dead carbon into the infiltrating water and hence into the speleothem calcite during wetter periods. A similar pattern is observed through the pre-and postbomb intervals (w1950e2000 A.D.).
Study site and sample description
The stalagmite used in this study (LR06-B1), previously reported in Griffiths et al. (2009 Griffiths et al. ( , 2010a Griffiths et al. ( , 2010b , was collected from Liang Luar, a w1.7 km-long cave on the Indonesian island of Flores. The cave is situated w550 m above mean sea-level (a.m.s.l.) and has developed within reefal (mainly built by corals) carbonates of Late Miocene-Early Pliocene age, which are mantled in part by volcanics of Quaternary age (Monk et al., 1997) . The limestone host-rock contains folded strata that dip between 10 and 25 (Westaway, 2006) and is composed of a tuff-bearing dolomitic limestone with a sandy composition (van Bemmelen, 1949) . The cave is overlain by w30e50 m of bedrock, with the top 1e2 m of it representing the relatively thin soil layer. The stalagmite was collected from a large chamber w600e800 m from the cave entrance, which is isolated from the external environment by a series of narrow passage-ways and rock falls, inhibiting air-flow and thus inducing a high relative humidity (close to 100%). Mean temperature of the chamber measured during field expeditions in 2007 and 2009 was 24.5 AE 0.5 C, which closely resembles the mean annual temperature at the ground surface. The vegetation cover above the cave is dominated by tropical forest and coffee plantations.
The region occupying Liang Luar has an average annual rainfall of w1200 mm. Most of the cave recharge (w69%) is delivered by the Australian-Indonesian summer monsoon, which occurs between the months of November to March and is characterised by a replacement of the dry southeasterly trade winds (austral winter dry season) with the convective northwesterly monsoonal winds as the intertropical convergence zone moves southward over the island.
Stalagmite LR06-B1 measures w1.25 m in length and was extracted as two sections from a large breakdown block of host bedrock that had unloaded from the cave roof (Fig. 1) . Section A of the specimen was in situ at the time of collection in 2006 while section B had broken off and fallen about w1.57 ka (Fig. 1) . The petrography of the stalagmite is characterised by alternating layers of slightly opaque, compact-columnar calcite and translucent, open-columnar calcite (Fig. 1) .
Methods

U-Th dating
A total of 13 pieces of calcite (11 of which weighed w50 mg and two weighed w300 mg) were extracted from the central growth axis of stalagmite LR06-B1 (Fig. 1 ). Samples were extracted using a carbide dental burr fitted to an air drill or to a micromilling lathe.
230
Th/ 234 U age determinations were obtained using both thermal ionisation mass spectrometry (TIMS) and multi-collector inductively coupled plasma mass spectrometry (MC-ICP-MS). TIMS 230 Th/ 234 U analyses were carried out at the University of Queensland, Australia, using a Fisons VG Sector 54-30 mass spectrometer equipped with Fig. 1 . Photograph of stalagmite LR06-B1 (upper left panel) prior to collection in 2006, along with scanned images of the separate calcite pieces previously analysed (Griffiths et al., 2009 (Griffiths et al., , 2010a (Griffiths et al., , 2010b . Section A was in situ at the time of collection while section B was dislodged from its base w1.52 ka before present ("present" ¼ 1950 A.D.) . The black boxes indicate the two regions of the stalagmite where samples were extracted for C measurements, though in this case the U-Th measurements were previously reported in Griffiths et al. (2009) a WARP filter and an ion counting Daly detector, as described by Zhao et al. (2001) and Yu et al. (2006) . MC-ICP-MS U-Th analyses were conducted on two separate Nu-Instruments Nu Plasma mass spectrometers housed at the University of Melbourne, Australia, and the University of Queensland. For a detailed description of the MC-ICP-MS methods employed at the University of Melbourne, we refer the reader to Hellstrom (2003) , while those methods employed at the University of Queensland can be found in Zhou et al. (2011 Griffiths et al. (2009 Griffiths et al. ( , 2010a Griffiths et al. ( , 2010b Subsamples were analysed for Mg and Ca on a Varian Liberty 4000 inductively coupled plasma atomic emission spectrometer (ICP-AES). Molar concentrations of the elements were calculated from ICP-AES intensities using four internal working standards of known concentration, and a blank, with concentrations expressed as ratios to Ca. Acid blank corrections were applied to both sample and standards data prior to conversion of the data to ratios. The relative standard deviation of replicate standards of Mg and Ca was 1.6% and 1.5%, respectively. These data were previously published in Griffiths et al. (2010a) .
3.3.
C measurements
Fifteen calcite cubes weighing w100 mg were extracted (using a carbide dental burr fitted to an air drill) every w5 mm along the central growth axis of LR06-B1 between 345 and 422 mm (i.e. 2.4e2.8 ka) from the top of the stalagmite; of these 15 samples, 11 were splits of calcite used for U-Th dating. In addition, 21 samples, micromilled as calcite powders and weighing w3e5 mg, were extracted at 0.15e0.45 mm increments along the growth axis from the top of the stalagmite down to a depth of 6.15 mm. Based on the U-Th age model, analysing 14 C activity over this depth range was sufficient to cover the bomb pulse. For the AMS 14 C analyses, w3e5 mg of calcite powders (for the bomb pulse) and w10 mg of calcite chunks (for the 2.4e2.8 ka interval) were dissolved in 2 mL 85% H 3 PO 4 , producing CO 2 gas that was graphitized using excess H 2 over an Fe catalyst. The graphite was then rear-pressed in an aluminium cathode for AMS measurement. For a more detailed description of these methods refer to Hua et al. (2001) . It should be noted that radiocarbon ages of carbonate powders may be affected by surface contamination with modern atmospheric CO 2 . However, this effect is negligible for our samples because they are quite modern (younger than 1940 A.D.). 14 C measurements were conducted on the 2MV HVEE "STAR" AMS in the Institute for Environmental Research, Australian Nuclear Science and Technology Organisation (ANSTO) (Fink et al., 2004) . Calcite 14 C measurements were normalized to oxalic acid standards (HOxI and HOxII), which were interspersed for each run. 14 C measurements were also blank-corrected using the IAEA C1 marble procedural blank and assessed for machine background using spectroscopic-grade powdered graphite from Union Carbide Co.
Results
U-Th chronology
The stable-isotope, trace-element and DCF (see next section) time series for the late Holocene section of stalagmite LR06-B1, were anchored by a total of 11 U-Th dates (Fig. 2a, Table 1 ). In addition, the chronology for the upper section of LR06-B1, containing the 14 C bomb pulse (i.e. the top w6 mm), was constrained by two U-Th dates (Fig. 2b , Table 1 ). For all samples, U concentrations range from 189 to 463 ng/g, with the median being 315 ng/g. The stalagmite all lie in stratigraphical order (within 2s dating uncertainty). The age-depth models for both portions of the record were constructed by means of Bayesian-Monte Carlo simulations using the Wavemetrics Igor Pro software package. A more detailed description of the technique is given in Drysdale et al. (2005 Drysdale et al. ( , 2007 .
Radiocarbon activity and dead carbon fraction (DCF)
The radiocarbon activity through the upper and lower portions of the stalagmite is shown in For the lower portion of the speleothem, the a 14 C initial activity ranges from 81.2 AE 0.3 to 83.4 AE 0.3 pMC and averages 82.5 pMC over the w2.4e2.8 ka period. The pattern of a 14 C variability during this interval broadly follows, but plots below, the contemporaneous SHCal04 atm curve (Fig. 3 ). This offset between the atmosphere and a 14 C in the speleothem reflects the dilution effect (DE) of radioactively 'dead' carbon from the limestone host rock and/or older C from soil organic matter. The speleothem a 14 C profile through the bomb pulse has pre-bomb (i.e. To quantify the amount of 'dead' carbon incorporated into the upper and lower portions of speleothem LR06-B1, we calculated the DCF following the methods of , where:
where a 14 C atm.init. is the atmospheric a 14 C initial activity, derived from the SHCal04 calibration curve for the period before 1950 A.D., from tree-ring data (Hua et al., 2000 (Hua et al., , 2003 for the interval between 1950 and 1954 A.D., and from the updated SH zone (Hua and Barbetti, 2004) for the period from 1955 A.D. onwards. To calculate the DCF and associated 1s error, we first calculated the a 14 C atm.init. at the time of each stalagmite 14 C measurement using a Monte Carlo (MC) approach. This was achieved as follows: (i) first we imported the SH calibration curve, then generated 10,000 Gaussian distributed ages around the U-Th age at the depth of each 14 C measurement (with mean and 1s as
given by the age model); (ii) for each of the 10,000 MC ages, the mean a 14 C atm.init. activity, plus the according 1s deviation, was derived using linear interpolation between the values given in the SH04 calibration curve; (iii) we then randomly chose one value within the mean and 1s error of the a 14 C atm.init. activity, as previously determined; (iv) finally, we took the mean of the 10,000 a 14 C atm.init. activity values and calculated the 1s standard deviation.
The inferred DCF values are displayed in Tables 2and 3, and Figs. 5e8. Through the w2.4e2.8 ka interval, total DCF values range between w15.7% and w19.4% while DCF from host rock contribution only (DCF host rock ; see next section) ranges between w17.2% and w19.5%. By contrast, DCF host rock during the instrumental period (w1940e2000 A.D.) ranges between w20.6% and w22.6%. The reason for this apparent w3e5% offset in DCF between the late Holocene and instrumental period may be due to a slight shift in the flow route of the karst water feeding the stalagmite, such that the system is in a more closed state today. It is possible that tectonic activity, as evidenced from the broken section (i.e. Section B, Fig. 1 ) of stalagmite LR06-B1 that was dislodged w1.57 ka, may have redirected the flow route of the karst water and with it, the carbonate dissolution conditions.
Discussion
Notwithstanding the fractionation effects inside the cave during calcite precipitation, the initial 14 C activity of DIC in the soil-water, and hence the speleothem calcite, is typically dominated by two main end members: (i) the 14 C of the soil CO 2 , which is controlled by the decomposition of SOM and plant respiration; and (ii) the C originating from the dissolution of the carbonate host rock, which is typically devoid of any 14 C.
In regard to the first end member, the 14 C of the total CO 2,g is controlled by a mixture of 14 C inputs from plant respiration, which has a 14 C activity similar to that of the atmosphere, and the decomposition of SOM, which introduces CO 2 with a signature of past atmospheric 14 C activity minus the small amount of radioactive decay since the time of OM burial. Although, given both the relatively short turnover time of SOM (Trumbore, 2000) and the relatively small 14 C fractionation from gaseous CO 2 to DIC, the 14 C in the soil-water DIC should reflect that of the atmosphere (Fohlmeister et al., 2011a) , except during periods of large and abrupt changes in atmospheric 14 C (Trumbore, 2000) . The degree to which each of these soil reservoirs (i.e. both the decay of SOM and plant respiration) contributes to the total CO 2,g pool can vary throughout the year depending on the vegetation cycle above the cave (Dörr and Münnich, 1986) . The other dominant control on the initial 14 C content of speleothems is the dissolution of the karst limestone as infiltrating meteoric waters mix with the host rock. As the host limestone is devoid of any 14 C, the relative contribution of 'dead' C from this reservoir, to the total C pool of the percolating groundwater, largely influences the final 14 C activity of the speleothem calcite. In theory, dissolution can occur under two end member situations (open-or closed-system dissolution) (Hendy, 1971) . However, in the real soilkarst environment, carbonate dissolution is likely to occur under an intermediate state between a completely open and a completely closed-system (Rudzka et al., 2011) . Under the open-system end member, the DIC maintains isotopic equilibrium with the unlimited reservoir of CO 2,g . By contrast, under a closed-system isotopic equilibrium between the DIC and CO 2,g is not maintained, and thus the soil-water DIC accrues higher d
13 C and lower a 14 C values during limestone dissolution (Hendy, 1971) . Therefore, a change to a more open (closed) carbonate dissolution system would typically result in higher (lower) 14 C activities and lower (higher) d
13 C values in the vadose zone and ultimately cave interior. One last important influence on speleothem C isotopes is disequilibrium isotope fractionation, which mainly occurs during calcite precipitation. This process is generally governed by drip rates and/or the degree of cave ventilation (Mühlinghaus et al., 2009; Scholz et al., 2009) , both of which can be controlled by climate. For example, drier conditions can result in a lower drip rate, which can increase the d 13 C values due to the longer time available for calcite precipitation between successive drips (Mühlinghaus et al., 2009; Scholz et al., 2009; Dreybrodt and Scholz, 2011) . Dry conditions can also favour disequilibrium fractionation at and/or 'upstream' of the drip site during prior calcite precipitation (PCP) (Fairchild et al., 2000; Fairchild and Treble, 2009) , a process by which CO 2 degassing causes preferential loss of the lighter 12 C isotope to the gas phase and hence enriches the percolation water, and ultimately the speleothem, in 13 C. Another process affecting the C isotopes is fractionation between gaseous CO 2 and HCO 3 À (in the aquifer) and HCO 3 À and CaCO 3 (during calcite precipitation).
In the following sections, we take a soil-karst modelling approach, similar to that of , to examine the sources and processes that control the initial 14 C, and hence inside the cave, with support of measured stable C isotopes.
Estimating the age spectrum of SOM above Liang Luar
With the use of a soil-host rock-cave model for C isotopes, first proposed by , we estimate the age spectrum of SOM above Liang Luar by analysing the radiocarbon bomb pulse detected in LR06-B1 (Fig. 4) . The model describes the total CO 2,g composition as contributions from three main SOM reservoirs (c 1 , c 2 , c 3 with Sc ¼ 1) of different ages (y 1 , y 2 , y 3 ); this includes a fast (y 1 ), medium (y 2 ) and slow (y 3 ) reservoir. The main step in the model is that total soil-gas 14 1984) . In the next step, the 14 C of the initial DIC is diluted with the host rock C. The contribution of the host rock to the DIC is assumed constant through this short period. Finally, fractionation occurs between the calcite-saturated solution and precipitating calcite forming the stalagmite. For a more detailed description of the model, the reader is referred to Fohlmeister et al. (2011a) . The model parameters used to derive the SOM age spectrum were determined using an iterative process consisting of two steps. First, the fraction of dead carbon originating from the host rock was calculated by taking the mean difference between the atmospheric 14 C activity and the stalagmite 14 C measurements at the depths corresponding to the years A.D. 1941e1957. This was conducted with an a priori, but reasonable, estimation of y i and c i , based on studies estimating soil parameters with a similar vegetation cover; in this period of almost constant atmospheric 14 C activities, the choice of the age spectrum parameters led to a constant offset. Next, using this 'initial' host rock dead carbon value, the age spectrum of SOM was determined using the 14 C measurements of the stalagmite through the bomb pulse between1957 and 1980. The parameters y i and c i are found by minimization of the deviation between the model data set and the 14 C measurements of the stalagmite through the bomb-pulse period. Following this, it was necessary to re-evaluate the host rock dead carbon due to changes in the vegetation-induced dead carbon. Next, the vegetation parameters were adjusted again, and the iteration was continued until the deviations of the model output were minimized with respect to the 14 C values measured in the stalagmite (Fohlmeister et al., 2011a) . Using the above approach, the bomb pulse is reproduced when the host rock fraction equals 20.84% and the best-parameterized SOM age spectrum to fit the 14 C measurements equals:
As observed in , Fohlmeister et al. (2011a) and Hodge et al. (2011) , the fit yields satisfying results (Fig. 4) , although there is significant scatter around the fit; we will discuss the reason for this scatter in Section 5.2.2. These findings suggest that there is a rather old C reservoir swamping the CO 2,g contribution from the much smaller, younger SOM reservoirs. By using the above values, we can apply the modern age spectrum of SOM to the late Holocene (2.4e2.8 ka) section of LR06-B1, assuming a relatively constant vegetation cover for the last 3 ka. This assumption has some support from palynological studies conducted on the Indonesian islands, which suggest that vegetation characteristics in the region were relatively constant during Anshari et al., 2001 ). We must acknowledge, however, that the region may have undergone some vegetative alteration given the presence of coffee plantations, thus presenting a caveat to our model. However, a change in vegetation does not imply that the age spectrum of the SOM changed dramatically. Moreover, even if the age spectrum was shifted to some extent, the smoothing of the atmospheric 14 C signal will still be present. This is because atmospheric smoothing is generally more pronounced if the age of the vegetation above the cave is older (Fohlmeister et al., 2011a) , and coffee plantations would certainly be younger than the native forest. Also, the most likely points of infiltration into the cave were occupied by native forest, suggesting little alteration above the drainage zone.
With the known SOM age spectrum and same CO 2,g as in the modern soil, we can calculate past 14 CO 2,g (Fig. 5a , thick black curve). Fractionation between CO 2,g and bicarbonate is responsible for slight C isotope enrichment (Fig. 5a , thick grey curve). The C isotope shift is constant with time as long as temperature remained stable; this is a valid assumption given that there is no evidence from marine (e.g. Stott et al., 2004; Abram et al., 2009 ) and terrestrial (e.g. Griffiths et al., 2010b) records to suggest that there was a significant temperature shift during this period. The resulting DCF values for the different 14 C curves displayed in Fig. 5a are shown in Fig. 5b C of the DIC, which is in chemical and isotopic equilibrium with the soil-gas [ Fig. 5a (black and grey solid lines) ]. For both time series, we calculated an 'error envelope' derived by the atmospheric 14 C; (ii) we then used a simple Gaussian error propagation from atmospheric values over 14 C decay of old vegetation, mixing of CO 2 of the vegetation compartments with different ages, and finally fractionation; (iii) after calculation of both time series and the corresponding error band, we used the same procedure, as that used to calculate the error for the total DCF (previously described in Section 4.2), to derive the error for the other DCFs. Hence, for all DCF errors, the uncertainty of the 14 C measurements, U-Th ages, and 14 C curves are taken into account.
Host rock contribution to DCF
For the 2.4 to 2.8 ka interval, we have now separated vegetation and fractionation influences on the DCF (Fig. 5b , grey curve with open triangles). The next step is to separate the last two known influences: the host rock contribution and in-cave fractionation. Numerous cave-monitoring studies have demonstrated that fractionation in caves is kinetic rather than equilibrium in nature (Spötl et al., 2005; Frisia et al., 2011; Tremaine et al., 2011) , thus precluding the use of equilibrium factors when estimating the fractionation effect. Therefore, we use the measured d 13 C of stalagmite LR06-B1 and initial d 13 C of soil-water DIC to further differentiate between host rock C contribution and fractionation effects inside the cave. To achieve this we must first estimate the soil-gas d 13 C, which we assume to be a typical À25& (Deines, 1980; Cerling, 1984) , given that the soil above Liang Luar is dominated by C3 vegetation. Fractionation between gaseous CO 2 and HCO 3 À at 25 C (wþ7.9&) increases the d 13 C of DIC in the soil-water to À17.1&. Now that we can calculate the difference between the DIC and the stalagmite for both d
13 C and 14 C activity, it is possible to derive the extent of host rock contribution and fractionation in the cave with an iterative process using. (Fig. 5a ), then the contribution of the host rock is 0.18, since the DIC is 100 pMC and the host rock is 0 pMC. Therefore, the The difference between the above value and the corresponding calcite d
13 C value (Dd 13 C) at t thus explains the fractionation in the cave (Figs. 6and 7d) . For example, if the corresponding stalagmite d 13 C value at t equalled À11.4&, then fractionation effects during calcite precipitation would explain the 3.0& offset between the two values. Given this, fractionation for 14 C would be w6.9& or 0.69 pMC, which we then subtract from our measured stalagmite 14 C value at t.
We can then calculate the contribution of C from the host rock with:
Results of the DCF host rock calculations are presented in Fig. 5b (thin solid line with squares).
Because changes in fractionation in the cave (through w2.4e2.8 ka interval) turn out to be rather small (Dd 13 C range ¼ w1& / 14 C range ¼ w0.23 pMC), relative to the much larger variations in DCF (Figs. 6and 7d) , the DCF host rock profile (Fig. 5b, ( Fig. 7e) is its strong resemblance to the Mg/Ca (Fig. 7a) , d
18 O (Fig. 7b) , and d
13 C (Fig. 7c) respectively. Previous work in Indonesia (e.g. Griffiths et al., 2009; Lewis et al., 2010) has demonstrated that the dominant process controlling the d
18
O of monsoon rainfall, and hence the speleothem calcite, is the 'amount effect' (Rozanski et al., 1992) . This process, whereby lower (higher) d
18 O values correspond with higher (lower) rainfall, is underpinned by the strong co-variation with Mg/ Ca (Fig. 7a) , indicative of changes in the hydrology of the Liang Luar karst system (Griffiths et al., 2010a) . The strong covariance between these different hydrologically-controlled proxies and DCF therefore suggests that the transport of radioactively dead carbon into Liang Luar is a function of rainfall above the cave. The question becomes: how did changes in hydrology affect the transport of dead carbon into the cave?
As demonstrated above, we infer the DCF signal in LR06-B1 to be primarily controlled by changes in the contribution of host rock C into the karst waters. It then follows that periods of higher (lower) cave recharge, inferred from lower (higher) Mg/Ca and d
18 O values, resulted in higher (lower) DCF values because the system may have been in a more closed (open) state. In other words, periods of low rainfall expose a larger number of air-filled voids in the epikarst because vadose dewatering exceeds vadose replenishment. This would facilitate gas exchange between the DIC of the karst water and soil atmosphere, which is characteristic of an open-system. Conversely, when rainfall is high, the voids in the soil and karst become filled, which would inhibit the potential of C isotope exchange between the DIC and soil-gas CO 2 (characteristic of a closed-system) and result in the proliferation of bedrock-derived dead carbon into the karst water. Physically, the effective diffusion rate of CO 2 determines the degree of open-to closed-system carbonate dissolution (Fohlmeister et al., 2011b) . A similar relationship between rainfall amount and 14 C activity was detected in 14 C analyses of monthly collected cave drip waters from Grotta Di Ernesto, Italy . In addition, Oster et al. (2010) noted a positive relationship between rainfall amount and the 14 C activity of a deglacial-Holocene stalagmite from California.
Although, contrary to our interpretation, these authors ruled out the host rock being the dominant influence on the DCF (based on 87 Sr/
86
Sr ratios) and instead suggested that the turnover rate of the SOM was the more important influence.
Comparing the d 13 C profile (Fig. 7c) with the DCF record (Fig. 7e) reveals an anti-correlation between the two records (i.e. higher DCF values correspond with lower d 13 C and vice versa). This pattern is counterintuitive to what one would expect if the C isotopes of the DIC were in fact being driven by dissolution of the host rock.
However, it is possible that such an increase in d 13 C (due to host rock contribution) may be more than offset by the effect of increased recharge on the rate of carbon dioxide degassing and prior calcite precipitation (PCP). This possibility can be examined in more detail by comparing the d 13 C record ( Fig. 7c ) with the Dd 13 C profile (Fig. 7d) , which is a proxy for in-cave fractionation. From (Fig. 7a) . These phase relationships suggest that during wetter periods, when DCF values are high and Mg/Ca ratios are low, the C isotopes undergo less fractionation than would be the case during drier intervals when PCP is enhanced (Griffiths et al., 2010a) . In general, wet periods permit less PCP (Fairchild et al., 2000; Fairchild and Treble, 2009 ) and tend to result in higher drip rates, which lead to less fractionation during stalagmite growth (Mühlinghaus et al., 2009; Scholz et al., 2009; Dreybrodt and Scholz, 2011) (Griffiths et al., 2010a) . As a final note, it is worth mentioning that whilst the total DCF and rainfall proxies show a similar structure, they also display slightly opposing trends (i.e. total DCF has a slight decreasing trend) through the 2.4e2.8 ka interval. However, the DCF host rock profile exhibits almost no trend or even a slight increasing trend, in agreement with the other rainfall proxies (Fig. 7e) . The inversion of the trend is due to the influence of the vegetation. As discussed previously (see Section 5.1), fractionation between gaseous CO 2 and HCO 3 À is constant, and changes in the strength of fractionation between HCO 3 À of the calcite-saturated solution and the precipitated CaCO 3, has little influence on the Ca 14 CO 3 (as described in Section 5.1.2). Hence, the opposing trends between the total DCF and the DCF host rock can be ascribed to the smoothing characteristics of the vegetation, as evident in comparing the atmospheric 14 C (dashed line) and the soil-gas CO 2 (black solid line; represents an integrated mixture of past atmospheric 14 C levels) profiles in Fig. 5a .
Instrumental period
As recognised earlier, the 14 C measurements through the bomb pulse scatter around the fitted curve (Fig. 4) . The interpretation of DCF variability during the late Holocene (2.4e2.8 ka) could lead one to conclude that the host rock contribution was not constant during the pre-and post-bomb period, but varied in response to hydrological changes over the past 70 years (Fig. 8) . On the one hand, fluctuations in DCF can make the estimation of the SOM age spectrum somewhat more difficult because the scattered values increase the uncertainty of the fit. However, on the other hand, a non-constant C entry from the host-rock presents us with the opportunity of testing whether the precipitation dependence of the DCF was also observed during the instrumental era. Hence, it allows us to establish whether or not our late Holocene hypothesis is robust. Therefore, we now adapt the analysis procedure performed in Section 5.1.1 to the 14 C data through the bomb pulse. We retain the same SOM age spectrum, but now reanalyse the bomb 14 C data according to the method described in Section 5.1.2. From Fig. 8 , it is clear that there were significant variations in DCF host rock during the pre-and post-bomb intervals in response to changes in local rainfall (Fig. 8a) . Indeed, two prominent rainfall phases (characterized by an increase of 30e40%) centred around 1975 and 1995, were matched [within analytical uncertainty (AE10 years) of the U-Th age model] by a w1.5% increase in DCF host rock (Fig. 8a) . These perturbations are echoed in the proxy data, which display a w0.5e0.8& decrease in d 18 O (Fig. 8b) , a w2e3& decrease in Dd 13 C (less fractionation; Fig. 8c) , and an increase in Mg/Ca (less PCP ; Fig. 8d) ; while only seven Mg/Ca data points are shown in Fig. 8c , a strong relationship between this proxy and the stableisotopes (of the same specimen) was observed for the entire Holocene (see Griffiths et al., 2010a) . Hence, this result supports our conclusion that the DCF activity in our speleothem was dominated by fluctuating Liang Luar karst hydrology.
An equally, if not more, important finding, is the responsiveness of the DCF to rapid changes in rainfall observed throughout the mid to late 20th century. This result is quite compelling as it highlights the sensitivity of the DCF to abrupt shifts in local hydrology. Moreover, comparing the scale of the shifts in both DCF and rainfall over this period, reveals that a relatively modest change in precipitation (w30%), as compared with the changes observed through the Holocene (Griffiths et al., 2009) , can result in relatively large shifts in the DCF (>1.5%). This observation, therefore, casts doubt on the stable nature of the DCF in LR06-B1 over much longer time scales, when boundary conditions were certainly different from today (e.g. Last Glacial Maximum). Whether this pattern is purely a local signal (in terms of both the speleothem and/or cave), or more regionally-synchronous in nature, is yet to be confirmed. This emphasises the need for more research on the DCF behaviour of tropical speleothems over longer time scales and during known climate events (e.g. Younger Dryas), especially in light of the renewed interest in using these deposits to extend the radiocarbon calibration curve (e.g. Hoffmann et al., 2010) .
Conclusions
In this study, we have assessed the dead carbon content of the late Holocene section of speleothem LR06-B1, which was recovered from the island of Flores, Indonesia. DCF values were established using coupled AMS 14 C measurements and U-Th dating through an interval of the late Holocene (w2.4e2.8 ka) marked by a prominent excursion in atmospheric radiocarbon content. In addition, 14 C measurements through the pre-and post-bomb periods (w1940e2000 A.D.) provided the input parameters to a soil-host rock-cave model Fohlmeister et al., 2011a) , which was used to explore soil-karst C dynamics above and within Liang Luar. By coupling the stalagmite 14 C measurements with the C model output, we were able to separate each of the known C reservoirs contributing to the total DCF content of the speleothem. In doing so, we found that the DCF was predominantly controlled by dissolution of the host limestone (associated with changes in open-and closed-system conditions) rather than kinetic fractionation and/or variations in the age spectrum of the SOM.
The corrected DCF curve (i.e. corrected for vegetation/SOM and fractionation effects, and hence contains only the contribution from the host-rock), was then compared with stable-isotope (d 13 C and d
18
O) and trace-element (Mg/Ca) data from the same specimen [previously reported in Griffiths et al. (2009 Griffiths et al. ( , 2010a ]. We found that over the 2.4e2.8 ka interval, periods of lower (higher) Mg/Ca, d
18 O, and d
13 C values, indicative of wetter (drier) conditions, corresponded with higher (lower) DCF values. This higher DCF input during periods of higher cave recharge was interpreted to reflect more closed-system conditions, when the water-filled voids in the soil and epikarst inhibited the potential of C isotope exchange between the DIC and soil-gas CO 2 . In contrast, lower DCF input was interpreted to reflect more open-system conditions, when periods of lower rainfall exposed a larger number of air-filled voids in the epikarst and thus facilitated gas exchange between the DIC of the karst water and soil atmosphere. These patterns were strongly supported by the comparison of pre-and post-bomb DCF values with instrumental rainfall records (during the mid to late 20th century), which, similar to the late Holocene, highlight that DCF was controlled by local hydrology. This strong DCF-rainfall link therefore suggests that the DCF in our speleothem provides us with an additional climate proxy with which to reconstruct past changes in monsoon rainfall.
Some studies have demonstrated that speleothems may provide a potential utility for the improvement/extension of the widelyused radiocarbon timescale (e.g. Beck et al., 2001; Hoffmann et al., 2010) . However, the observed link between DCF and local hydrology in the Liang Luar soil-karst system stresses the need for more detailed research (including both additional measurements and modelling) on the transport of 14 C, and hence DCF, within soilhost rock-cave systems. In addition, our findings highlight that stable-and radiogenic-C-isotope data can be used to unravel the different processes governing the isotope variability of karst waters prior to speleothem growth. Together with other climate proxies such as d
18 O and/or Mg/Ca ratios, these results show that it is possible to gain a clearer picture of the soil-to-cave carbon transfer dynamics through time, including a detailed appraisal of the possible causes and effects. Therefore, for studies aimed at reconstructing past atmospheric 14 C concentrations from speleothems, we strongly recommend that researchers present not only precise 14 C and absolute ages but also additional proxy information useful for constraining temporal DCF variability. Finally, we have demonstrated that it is possible to estimate the initial d
13 C of DIC in the drip water using the combined stalagmite 14 C and d
C measurements. Estimating this value is very important
for modelling studies aiming to describe isotope fractionation effects during calcite precipitation (Scholz et al., 2009; Mühlinghaus et al., 2009; Dreybrodt and Scholz, 2011) . Also, by calculating the difference between initial drip water d 13 C and calcite d 13 C, it is possible to derive quantitative estimations of the drip interval, which would be especially beneficial for stalagmite samples/studies that did not experience PCP.
